[1] Accurate determination of parameters about seismic discontinuities in the earth, such as their depth, existence, and strength, provides critical information about the physical and chemical states and dynamics of the earth's interior. Unfortunately, those parameters can be strongly affected by factors that are not related to the discontinuities. We use synthetic seismograms to estimate the influence of one of those factors, inelasticity, on the apparent depth and detectability of the 410-and 660-kilometer discontinuities obtained from stacking P-to-S converted phases (P d S). Our results show that when P d S travels through a zone with lowerthan-normal Q values, the observed depth of discontinuities could be tens of kilometers deeper than the real value, and the stacking amplitudes and consequently the detectability and apparent strength are greatly reduced. This study demonstrates the importance of taking Q structure into account when seismologically detected discontinuity parameters are interpreted. 
Introduction
[2] Seismic velocity discontinuities reflect rapid structural or mineralogical transitions in the earth. The two ubiquitous discontinuities that mark the top and bottom of the mantle transition zone are found at about 410 km and 660 km depth, respectively (hereafter referred to as d410 and d660). It is commonly believed that d410 is mostly caused by the phase transition from (Mg, Fe) 2 SiO 4 (olivine) to its high-pressure polymorph b-spinel (wadsleyite), and d660 is mainly due to the phase transition of g-spinel (ringwoodite) to MgSiO 3 (perovskite) and (Mg, Fe)O (magnesiowustite) [e.g., Ringwood, 1975; Liu, 1976 Liu, , 1979 Jackson, 1983; Ito et al., 1990; Chudinovskikh and Boehler, 2001] . The phase boundaries thought to produce d410 and d660 have positive and negative Clapeyron slopes, respectively. Therefore the amplitude of the uplift or depression of the discontinuities is an in situ measure of the temperature in the vicinity of the discontinuities.
[3] Over the past 40 years various seismological techniques have been developed to study seismic discontinuities in the mantle (for reviews, see Bina [1991] and Helffrich [2000] ). Most of those techniques use body waves reflected, refracted, or converted from the discontinuities beneath the receiver, near the source, or at the mid-point between the receiver and the source. One of the most effective ways to image mantle discontinuities is to use teleseismic P-to-S converted phases (P d S) from those discontinuities beneath a seismic station [Dueker and Sheehan, 1998; Bostock, 1998; Chevrot et al., 1999; Gao et al., 2002; Kind et al., 2002; Li et al., 2002] . Unfortunately, the apparent depth of d410 and d660, and consequently the transition zone thickness observed using such a technique (and most other techniques) can be significantly biased by the existence of velocity heterogeneities, seismic anisotropy, and anomalous Q along the ray-paths of the converted, reflected, or refracted waves. Those factors can also affect the detectability of a discontinuity by reducing or increasing the amplitude of the signal. Effects of velocity heterogeneities can be effectively corrected by using a local velocity model found by seismic tomography [Dueker and Sheehan, 1998 ], and those related to seismic anisotropy can be recognized by strong arrivals on the transverse component [Bostock, 1998 ]. Relative to velocity heterogeneities and anisotropy, the recognization and correction of the effects of Q on the observed depths and amplitudes of the discontinuities are less trivial.
[4] Q is a measure of the inelasticity of earth's material, and is commonly defined as the total energy over loss of energy per cycle [Knopoff, 1964] , i.e., Q = À2pE/ÁE. For a monochromatic plane wave with frequency f, the amplitude as a function of traveling distance is A(x) = A 0 exp[Àpfx/ (VQ)], where A 0 is the amplitude at distance x = 0, and V is the propagating velocity. Thus a wave with a higher frequency attenuates more rapidly than one with a lower frequency. A higher frequency wave also has a higher traveling velocity, which is given as V( f )/V 0 = 1 + 1/ (pQ)ln(f/f 0 ) where f 0 is a reference frequency with velocity V 0 [Aki and Richards, 2002] . Therefore, seismic waves traveling through an inelastic medium suffer a phase delay due to frequency dispersion. The main frequencies of body waves on broadband seismograms (and the synthetic seismograms used in this study) range from 0.02 to 1.0 Hz, a band in which it is commonly believed that the Q values for most of the earth's materials are frequency-independent [Knopoff, 1964; Lay and Wallace, 1995] .
[5] In the upper mantle and mantle transition zone, Q for P-waves, Q p , is about twice as large as that for S-waves, i.e., Q p = 1.9Q s [Kanamori, 1967] , resulting in a stronger attenuation for S-waves than that for P-waves. In the 1-second PREM earth model [Dziewonski and Anderson, 1981] , Q p (Q s ) ranges from about 1350 (600) in the crust to about 200 (80) in the upper-most mantle from 35 to 210 km depth, and to about 360 (140) in the rest of the mantle above d660. It is GEOPHYSICAL RESEARCH LETTERS, VOL. 30, NO. 9, 1455 , doi:10.1029 /2002GL015264, 2003 Copyright 2003 by the American Geophysical Union. 0094-8276/03/2002GL015264$05.00 generally believed that low-temperature structures such as subducted slabs correspond to high Q and high velocities [Meyers et al., 1998 ], and structures with high temperature and especially partial melt such as mantle plumes and upwelling asthenosphere beneath active rifts [Davis, 1991] correspond to low Q and low velocities. While most tomographic results show that lateral velocity heterogeneity in the mantle is usually only a few percent, lateral variations of Q of more than 1000% in the mantle have been observed in various parts of the earth [Lay and Wallace, 1995] .
[6] The apparent depths of discontinuities observed using P d S are directly related to the arrival-time difference between the direct P-wave and the converted S-wave. Because of the differences in Q, velocities, and frequencies between P and S waves, the phase delay caused by inelasticity is expected to be different for P and P d S. The difference in phase delay may result in an artificial bias of the observed depth of the discontinuities. In addition, the amplitude of P d S and consequently the detectability and the apparent strength of a given discontinuity are also functions of the Q structure of the overlain layers. In this study we use synthetic seismograms to quantify the influence of Q anomalies on the observed depth of d410 and d660, as well as the stacking amplitudes of P d S which are directly related to the detectability of the discontinuities.
Synthetic Seismograms
[7] We use CORE (Complete Ordered Ray Expansion) [Clarke and Silver, 1991] for the generation of synthetic seismograms. CORE is based on a ray-generation algorithm that involves the symbolic manipulation of complete body-wave wavefield expressions from reflectivity theory. Numerous tests show that the resulting broadband seismograms are in excellent agreement with full reflectivity synthetics and observed data [Clarke and Silver, 1991] .
[8] We generate synthetic seismograms by using a set of models that are variants of the IASP91 earth model [Kennett and Engdahl, 1991] , complemented with the Q values from PREM. The models are created by multiplying Q p (z) and Q s (z) in the PREM model by a set of constants, R = Q(z)/Q(z) PREM , which range from 0.2 to 1.9. The large range of R is intended to be inclusive for extreme cases such as in the vicinity of subduction zones [e.g., Meyers et al., 1998 ], and may not be representative for most part of the earth. Although in reality an anomaly in Q is usually accompanied by an anomaly in velocities, in this study we only vary Q(z) in order to isolate the effects of inelasticity.
[9] We use three Q models to simulate different situations in the real earth. In the first model, Q(z) values above d660 are modified; in the second model those between d410 and d660 are modified; and in the third model those above d410 are modified. To reduce computing time, four of the seven discontinuities in IASP91 at 35, 410, 660, and 2889 km depths are kept. In order to minimize the influence of source-side Q(z) variation on the waveform, in this study we put an 'earthquake' at an unrealistic depth of 800 km. Synthetic seismograms are generated at 66 'stations', which are distributed in the epicentral distance range from 30°to 95°with a spacing of 1°. The source and the receivers are located along the same great circle arc.
Results
[10] To resemble the common practice in dealing with real data in discontinuity studies using P d S, we deconvolve the radial components by the corresponding vertical components using the procedure of Ammon et al. [1990] to obtain receiver functions. Figure 1 shows receiver functions for two sets of synthetics when R = 0.2 and 1.9, respectively, for the second model, in which Q(z) are modified in the depth range 410 z 660 km. Because Q(z) is not changed for z 410 km, the phase delay of P 410 S is minimal, and the waveform is approximately the same for R = 0.2 and 1.9. On the other hand, the amplitude of P 660 S suffers a reduction in amplitude, and a clear phase delay is observed for R = 0.2 because P 660 S traveled through the mantle transition zone which has reduced Q(z).
[11] We next stack the receiver functions by using the commom conversion point stacking procedure [Dueker and Sheehan, 1998 ].
[12] The procedure assumes a candidate discontinuity at a sequence of depths, and at each depth d, the travel time difference between the direct P-wave and the converted P d S phase is calculated using [Sheriff and Geldart, 1982; Gurrola et al., 1994] 
where p is the ray parameter for the P-wave, d is the depth of the candidate discontinuity, and V p (z) and V s (z) are the Pand S-wave velocities, as a function of depth, z. The receiver functions are then stacked using
Figure 1. Radial receiver functions computed using synthetic seismograms for the second Q model for (A) R = 0.2 and (B) R = 1.9. The purple lines are theoretical arrivals calculated based on the IASP91 earth model.
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where A(d) is the stacking amplitude for a candidate discontinuity at depth d, N is the number of stackings (i.e., the number of qualified receiver functions participated in the stacking), T P d S (i) is the P d S moveout time of the ith receiver function for a discontinuity at depth d computed using equation (1), and A i (T P d S (i) ) is the amplitude of the ith receiver function at time T P d S (i) . Clearly, a real discontinuity corresponds to a large stacking amplitude. In this study the interval between the candidate discontinuities is taken as 1 km.
[13] The resulting phase depth images for the three Q models for a range of R are shown in Figure 2 , and the corresponding transition zone thicknesses and the fitted results using a decaying exponential function are shown in Figure 3 . For the first Q model, when R < 1.0, both d410 and d660 are significantly deeper than their true depths, due to the fact that both P 410 S and P 660 S are affected by the low Q. The apparent depths of d410 (d660) range from about 440 (710) km at R = 0.2 to its real depth of 410 (660) km for R ! 1.0 (Figure 2A) , and the transition zone thickness ranges from 274 km to its true value of 250 km ( Figure 3A) . For the second Q model, in which anomalous Q exists only in the transition zone, the depth of d410 is not affected by R, and that of d660 ranges from 680 km when R = 0.2 to 660 km when R ! 1.0 ( Figure 2B ). The thickness ranges from 263 km to 250 km ( Figure 3B ). Because anomalous Q exists only in the upper mantle in Model 3, for small R the apparent depth of both d410 and d660 are 20-40 km deeper than the true depths, and the transition zone thickness is about 10 km thicker than the true value ( Figure 3C ). The variation in apparent transition zone thickness for Model 3 is due to the fact that P 660 S travels a longer distance than P 410 S in the zone with anomalous Q (i.e., the upper mantle).
[14] Figure 4 shows the stacking amplitudes (normalized by those obtained for R = 1.0) of P 410 S as a function of R for the three Q models. For the first Q model, the amplitude increases from 0.6 for R = 0.2 to about 1.2 for R = 1.9; for the second Q model, it is approximately independent of R; and for the third Q model, it varies from about 0.5 to 1.2. The amplitudes for P 660 S increase with R for all the three Q models (Figure 5 ), from about 0.35 (0.6 and 0.4) at R = 0.2 to about 1.4 (1.1 and 1.2) at R = 1.9 for the first (second and third) Q model. 
Discussion and Conclusions
[15] Results presented above demonstrate the significant influence of low-Q zones in the upper mantle and mantle transition zone on the observed time delay and amplitude of P-to-S converted phases. In order to make sensible interpretations of results obtained by stacking P-to-S converted phases, the effect of low-Q zones must be identified and, more ideally, corrected.
[16] The most efficient way to estimate the influence of low-Q zones on the apparent depths and detectability of discontinuities is to perform an independent measurement of the Q structure. Beneath dense seismic arrays, relative attenuation can be measured using the spectral ratio [Teng, 1968] or other [e.g., Gao, 1997] methods, and Q anomalies beneath an isolated station can be obtained by computing spectral ratios between observed and synthetic seismograms using events with various azimuths and distances, or by using phases with different ray-paths [Reid et al., 2001] . Once the Q structure is determined, the influence of Q can be corrected by minimizing the Q effects on the seismograms [Tanaka and Hamaguchi, 1992] prior to the computation of receiver functions. Such a correction must be applied carefully when the effects of velocity variation on discontinuity depth are also corrected. It is well-known that a low velocity layer leads to a delay in the arrival time of the entire wave train, while a low Q layer results in a broadening of the pulses accompanied by a shift and reduction of the peak amplitude. In principle, for a pair of near-by stations, the relative travel time (dt) and relative t* (i.e., travel time over Q) can be obtained by simultaneously correcting for the attenuation effects and shifting the seismograms [Stark and Forsyth, 1983; Tanaka and Hamaguchi, 1992] . In practice, however, some seismic tomography studies assume a laterally homogeneous Q(z) beneath a regional seismic network, and the phase delay resulting from low Q is interpreted as the consequence of an apparent low velocity zone. Thus, when the depth of the seismic discontinuities is corrected using a local velocity model obtained under the homogeneous Q assumption, the phase delay resulting from low Q will be partially accounted for. An additional correction for Q structure will lead to overcorrection of the depth of the discontinuities.
[17] Because of the strong reduction of stacking amplitude when R is small (Figures 4 and 5) , the detectability of the discontinuities can be significantly affected by the Q structure of the earth above the discontinuities. Therefore, a distinction must be made between the non-existence of a particular discontinuity and the consequence of a reduced detectability due to low Q. In addition, because of the strong influence of low Q on the apparent amplitudes of the discontinuities, the velocity contrasts obtained from the stacking amplitudes can also be affected, resulting in under-estimated values.
